Chemical and isotopic changes accompanying seawater-basalt interaction in axial midocean ridge hydrothermal systems are modeled with the aid of chemical equilibria and mass transfer computer programs, incorporating provision for addition and subtraction of a wide-range of reactant and product minerals, as well as cation and oxygen and hydrogen isotopic exchange equilibria. The models involve stepwise introduction of fresh basalt into progressively modified seawater at discrete temperature intervals from 100 ø to 350øC, with an overall water-rock ratio of about 0.5 being constrained by an assumed 
INTRODUCTION
The discovery and subsequent sampling and analysis of submarine hot springs (e.g., at 13øN and 21øN on the East Pacific Rise (EPR)) provide an excellent opportunity for the development of theoretical models to describe the midocean ridge (MOR) alteration process. This is because the chemical and stable-isotope compositions of both the starting solution (seawater) and the final hydrothermal endmember are well constrained. In addition, the observed alteration products in the basalts provide data on chemical and isotopic gains and losses to the rock.
Throughout the oceans, and in particular at the MOR spreading centers, the only important rock types are the characteristic, relatively uniform MOR-type basalts and gabbros made up of plagioclase + pyroxene + olivine + glass. Also, the initial water entering the hydrothermal systems is ocean water, which has had a fairly uniform g180, gD, and chemical composition over the course of geologic time. Thus, the simplicity and uniformity of the starting materials in submarine hydrothermal systems allow us to make very realistic calculations that have broader applicability than is the case for most active or fossil systems on continents. [-19701 to calculate chemical equilibria among aqueous and mineral phases in basalt-seawater systems. He conducted a computer experiment in which seawater was heated from 0 ø to 350øC at 500 bars, the results of which compared favorably with the experimental results of Bischoff and Seyfried [-1978 •. In addition, the experiment accurately reproduced changes in composition of the solution, including an acidic pH at T > 200øC. Differences between the computer calculations and the results of the laboratory experiments were attributed to lack of equilibrium in the experiments, sluggish reaction rates in experiments at T < 150øC [Seyfried, 1976] , and inaccuracies in the thermodynamic data for important species in the theoretical calculations. Wolery [1978] also calculated solution composition changes and rock alteration accompanying reaction of seafloor basalt with seawater in isothermal, closed systems at 500 bars and various temperatures from 0 ø to 340øC. Among the alteration minerals predicted were smectites, chlorites, kaolinite, muscovite, albite, quartz, anhydrite, dolomite, calcite, and several iron and copper sulfides.
More recently, Janecky [1982] used EQ3/6 to calculate mineralogical and chemical changes attending seawaterperiodite interaction at 300øC and 500 bars, employing experimentally determined relative dissolution rates for the common peridotite minerals. Substantial agreement was found between the experiments and the calculations for both the solution composition trends and for the precipitates. Reed [1983] has modeled deposition of massive sulfides in fluids derived from high-temperature seawater-basalt interaction followed by cooling of the fluid and subsequent mixing with seawater.
Oxygen Isotope Modeling
Previous computer models of oxygen isotope mass transfer among minerals and aqueous solutions include those advanced by Cathles [1983] , Parmentier [1981] , and Norton and Taylor [1979] , none of which took into account the detailed variations in product and reactant mineral phases. Cathles modeled •80, anhydrite, and silica redistribution in a hydrothermal system and compared the results to the Kuroko massive sulfide deposits. Kinetic constraints and formation permeabilities were considered, and the calculated whole-rock 6•80 anomalies showed a pattern similar to those associated with the Fukazawa massive sulfide deposit in Japan. Norton and Taylor [1979] analyzed fossil geothermal systems associated with the Skaergaard intrusion, using a numerical approximation of heat and mass transport [Norton and Knight, 1977] and porosity and permeability [Norton and Knapp, 1977 -1, which permitted simulation of the thermal history and pattern of energy loss during crystallization of this layered gabbro. In this system, little or no mineralogical change occurred in the gabbro, and Norton and Taylor [1979] were thus able to make a close match between their calculated 5•80 values and the measured 5•80 of Taylor and Forester [1979] for the principal rock types in and around the intrusion. Although that study was quite successful, particularly in predicting permeabilities of large masses of rock in the earth's crust, neither it nor the study by Parmentier [1981] attempted to account for any secondary alteration minerals, or take into account the consequences that formation of large amounts of such alteration products would have on the chemical and oxygen isotope mass balances.
DESCRIPTION OF COMPUTER PROGRAMS AND DATA BASES

Computer Modeling
The EQ3/6 package used in the present study was developed by Wolery [1978 Wolery [ , 1979 Wolery [ , 1983 . EQ3 computes a distribution-of-species in the aqueous solution and generates concentrations and activities of ions and complexes; it then calculates which, if any, of the mineral phases are saturated with respect to the solution. EQ6 then calculates chemical equilibrium and mass transfer in aqueous solution-mineral systems. These programs are similar to, and derivative from, those of Helgeson [1968] and Helgeson et al. [1970] . Mathematical equations describing mass action, mass balance, charge balance, and nonideality are solved at each step in the reaction progress (for each increment of reactant phases added to the solution) with a Newton-Raphson technique.
EQ6 includes provision for: (1) variations in temperature, (2) variable rates of titration of reactants, (3) suppressed formation of undesired precipitates (this allows, for example, formation of kinetically favored, although thermodynamically metastable phases), and (4) reaction in either a closed-system or open-system mode.
The closed-system model is directly applicable to hydrothermal bomb experiments. Reactant solid phases are titrated at specified relative rates into solution, and the chemical composition of the solution is progressively modified by dissolution of the reactant phases, as well as by precipitation and dissolution of product phases, which remain in the system and continue to take part in the equilibria. The reaction progresses until equilibrium is completely attained.
In contrast to the situation described above, dissolution of product phases is not allowed in the "simple" open-system model. Secondary phases are instantaneously removed from the system as they precipitate to simulate a packet of fluid flowing through unaltered, pristine rock composed only of the reactant phases. In this case, the alteration products do not interact with the system after they have formed, and they are assumed to be left behind in the hydrothermal conduit. In this paper, we have not made any model calculations of this type, because we feel that a "complex" open-system model is more realistic. The "complex" open-system is one in which products are periodically removed from the system (for example, at specified temperature intervals), but also one in which the product minerals remain available between these intervals, where they can dissolve or otherwise take part in the equilibria of the system.
Thermodynamic Data Base
The thermodynamic properties of a large number of minerals are either well known [Helgeson et al., 1978; Robie et al., 1978] , or can be estimated [Wolery, 1978] . Except for a few clays, chlorites, and epidotes whose compositions are listed in Figure 10 , the chemical formulas for all minerals considered in this study are standard end-member compositions; they are all given in the work of Helgeson et al. [1978] In addition to the above-mentioned thermodynamic data for minerals, recent studies have provided solid-solution models for some of the important minerals, e.g., epidote [Bird and Helgeson, 1980] Because of the above problems, we somewhat arbitrarily developed a consistent set of fractionation factors for D/H fractionatio n between minerals and H•_O, requiring exclusion of some of the available data. The curves used in this study are shown in Figure 3, 106/T 2 (K-2) Fig. 3 . Approximated equilibrium hydrogen isotope fractionation curves employed in our calculations, based on the data shown in Figure 2 . The curve labeled 1 corresponds to the fractionation between H20 and muscovite, paragonite, beidellites, margarite and prehnite; 2, kaolinite, phlogopite, saponites, tremolite and talc; 3, chrysotile, clinochlore, amesite and antigorite; 4, annite, minnesotaite, nontronites and daphnite; and 5, epidote. the curves is that the aqueous fluid concentrates deuterium relative to OH-bearing minerals throughout the temperature range of interest, and the typical fractionations are on the order of 20 to 60 per mil. The epidote curve determined by Graham et al. [1980] and used for this study shows no temperature dependence above 260øC and a large slope between 260 ø and 150øC. Note that the hydroxyl position in the epidote structure is considerably different than that of most of the common silicate minerals.
Figure 3 exhibits four parallel curves displaying two extrema. The top curve corresponds to muscovite (pure A1-endmember of the mica series), the second curve to both phlogopite (pure Mg-endmember) and kaolinite, the third to serpentine and magnesium chlorites, and the lowest curve to annite (pure Fe-endmember) and iron-chlorites. In the temperature range of interest, the kaolinite curve may be the best constrained of the four, based on the work of Liu and Epstein [1984] and Lambert and Epstein [1980] , and the lowtemperature portions of the mica curves are assumed to be parallel to the kaolinite curve. The phlogopite and kaolinite curves roughly coincide so they are shown as one curve. The serpentine curve corresponds approximately at low temperatures to empirical fractionation factors determined by Wennet and Taylor [1973] ; however, at higher temperatures the Wenner-Taylor curve has been changed to follow the extrema pattern established by the mica and kaolinite curves. Smectites contain OH-groups in structurally similar sites to those in mica. Therefore, beidellites have been assigned to the muscovite curve, saponites to the phlogopite curve, and nontronites to the annite curve.
Chlorites present a problem in that there are no empirically or experimentally determined fractionation factors, and they show a wide range of A1 contents and contain OH-groups in two different structural sites; this causes difficulty in predicting the fractionation curves. Because of the two distinct OH sites and the resulting differences in bond strength, chlorites that are compositionally similar to micas will probably exhibit slightly lower •D values than the micas [$uzuoki and Epstein, 1976]. We have therefore assigned Mg-chlorites to the serpentine curve and Fe-chlorites to the annite curve.
MATHEMATICS OF INCORPORATION OF OXYGEN
AND HYDROGEN ISOTOPES IN EQ6
In contrast to the simplistic way in which isotopic modeling of hydrothermal systems has been done in the past, in this study we wish to take into account as many aspects of the formation of secondary mineral phases as possible. EQ3/6 allows us to determine exactly how the production or dissolu- Water-rock ratios have often been calculated from oxygen isotope analyses of whole-rocks and fluid, using a simplified material-balance procedure , where for a closed system
where A = grockS--gH20 s. This model requires adequate knowledge of both the initial (i) and final (f) isotopic states of the system. Taylor [1977] suggests that it is a reasonable approximation to set g•SOrock equal to rS•so of plagioclase. value of t518Os(•) is computed from (9) and used in (7) to redistribute the isotopes among product phases (including the current increment to the products) and fluid. Note that in the case described above the entire product phase is reequilibrated with the fluid at each step in the reaction progress, resulting in its uniform isotopic composition. In contrast, products will be isotopically zoned if only the additional increment to the product phase at a given step of reaction progress is considered to be in isotopic equilibrium with the fluid. The underlying assumptions of this model are that isotopic equilibrium is achieved as fast as chemical equilibrium, and that there is no net flux of •80 either into or out of the system, other than that achieved through dissolution of reactants or removal of product phases from the system. This also signifies that isotopic exchange with undissolved reactants (in this case, mineralogically unaltered basalt) is not considered, i.e., no diffusion. In other words, if there is no recrystallization, there is no isotopic exchange; at the relatively low temperatures considered here, this seems to be a realistic assumption.
A further assumption is that the composition of the fluid has no effect on the degree to which it fractionates isotopes. Taube We have chosen to use the same basalt starting composition employed by Wolery [1978] . The composition shown in Table  2 
Pathlines in Open Versus Closed Systems
In nature, the interaction of basalt with heated seawater takes place as neither a perfectly open system nor a perfectly closed system in the sense defined above in the discussion of the EQ6 model. A packet of seawater being heated and reacting with fresh basalt at some temperature can perhaps be envisioned in this way: as temperature increases with depth and proximity to the ridge axis, this packet of seawater will presumably move along a pathline downward and inward toward the heat source (MOR), and along the way it should encounter some relatively unaltered basaltic material. On the other hand, it will also encounter basalts altered to varying degrees by earlier packets of seawater that have passed through the system. The assumption is made here that EPRtype hydrothermal fluids result h'om interaction of seawater with basalt along a steep temperature gradient where fresh basalt is being continually supplied to the system (i.e., by magmatism at the ridge axis). In contrast, off-axis hydrothermal circulation probably entails low-temperature alteration of basalts previously altered at higher temperatures. This latter scenario is not considered in the present study.
Whatever the values of parameters such as temperature or water-rock ratio, two things seem certain. (1) The alteration process should not be modeled simply as a closed system undergoing a stepwise temperature increase where all newly formed alteration products are available for back-reaction at higher temperatures. (2) It should also not be modeled as a "simple," or perfectly open system where all secondary minerals formed are instantaneously removed from the system, with no back-reaction whatsoever being allowed. Utilizing the above constraints, together with the capabilities and limitations of the EQ6 model, the following path of seawaterbasalt interaction is used as the basis for the calculations.
Interaction of unaltered seawater and fresh basalt is assumed to begin at 100øC, and an arbitrary amount of basalt is dissolved isothermally into one kilogram of seawater using the EQ6 closed system model. Note that this solutionredeposition procedure requires that the basalt reacts homogeneously with seawater. At present, no provision is made for the probability that some components of the basalt will alter more rapidly than others, or that some components will undergo isotopic exchange more easily. Product minerals form as a result of the 100øC interaction, and they may back-react at any given stage in the reaction progress that they become unstable, all under isothermal (100øC) conditions. Once the specified amount of fresh basalt and newly-formed alteration minerals have completely reacted, all solid phases are removed from the system and the packet of exchanged seawater (which is now somewhat modified both chemically and isotopically, and which may be less than one kilogram as a result of hy- In the above scenario, seawater reacts isothermally with fresh basalt at each increment in temperature. We continue this procedure in steps of 50øC to the final temperature of 350øC. Back-reaction of the exchanged fluid with alteration products occurs during each isothermal stage of the reaction; however, at the conclusion of reaction at each temperature step, all secondary minerals are removed from the equilibrium system. This corresponds to a progressively decreasing waterrock ratio with increasing temperature (more precisely, it is an increasing rock-water ratio, in the way the titration in the computer calculation is actually carried out, as more and more fresh rock is added to the initial kg of seawater). Predictions of the model are dependent on the amount of rock interacting with fluid at each temperature, and this parameter can be varied in different models. Also, different paths of temperature and water-rock ratio can be tested for agreement with the analytically determined chemical and isotopic compositions of the EPR hydrothermal system. The computational procedures outlined above represent a realistic compromise between the constraints of the EQ6 models and actual MOR hydrothermal systems. Our calculations produce a vertically stratified oceanic crust in which the grade of hydrothermal metamorphism increases downward, as it should. The model also has the advantage that at the starting point of each successive temperature step, the only reactant material that has changed its chemical and isotopic composition is the fluid. This means that the reader can more readily visualize what is going on at each temperature interval than if we had substituted some arbitrary, path-dependent, altered basaltic material at the start of each step. For example, by the time one had traveled through several temperature steps in any of several more complex types of temperaturecomposition paths that one might imagine, it would be difficult not to lose sight of which parameters are most important in producing specific cause-and-effect relationships. There are so many variables and so many possible paths that even if a good isotopic and chemical match were to be made between calculation and observation, it would be difficult to single out the critical features of the models.
Temperatures of Reaction
We have made a somewhat arbitrary selection of 100øC as a starting temperature for our calculations, even though data such as those of Bb'hlke et al. quently, at least at 21øN it appears that, even at depth, the fluids were never much hotter than 350øC.
Further support for our assumed range of temperatures comes from the estimates of Lister [1982] and Mottl [1983] . Also, Norton [1984] has shown that the transport properties of pure H20 (buoyancy, viscosity, etc.) go through extrema near the critical point (374øC); this leads to relatively rapid convection at such temperatures, explaining why this is a commonly observed upper limit in explored hydrothermal systems (e.g., EPR, Salton Sea, Larderello).
Although we are assuming in our model that the MOR fluids have been at maximum temperatures on the order of 350ø-365øC, this does not apply to all submarine hydrothermal systems, and indeed there is evidence that much higher-temperature, sub-seafloor hydrothermal circulation must exist. For example, Gregory and Taylor [1984] suggest that the deeper penetration and higher temperatures occur predominantly within the layered gabbros and along the sides and beneath the axis magma chamber, and therefore are not a part of the venting axial system such as that from which the 21 øN fluids are being collected.
RESULTS OF THE COMPUTER MODEL General Statement
There exist essentially an infinite number of possible temperature/water-rock ratio paths, only a few of which are considered in the present study. However, most of these possible paths can be rejected because they do not result in the simultaneous occurrence of the necessary mineralogical, chemical, and isotopic characteristics actually observed in the basalts and hydrothermal fluids. Thus, after several iterations and adjustments, we settled on a particular path and final It is important to understand that although we are concerned specifically with calculating a plausible pathline for a particular fluid packet that circulates downward close to the roof of a MOR magma chamber and which then exits at 350øC on the seafloor, the end-points of the calculations at each intermediate temperature step also provide insight into the overall alteration of the oceanic crust. For example, a significant proportion of the sea water that is heated to 150øC or 200øC will migrate either upward or laterally, possibly exiting at the sea floor in off-axis effluent; only a small quantity will circulate to still greater depths and ultimately exit at 350øC from a MOR vent. The whole-rock isotopic compositions and the mineral assemblages at the end-points described below will adequately describe each depth-segment of -NONTRONITE  KAOLINITE  AMESITE  DAPHNITE  HEMATITE  PYRITE  MAGNETITE  PYRRHOTITE  DOLOMITE  CALCITE  MUSCOVITE  PARAGONITE  PHLOGOPITE  ANHYDRITE  EPtDOTE  CLINOZOISITE  PREHNITE  ALBITE  ANORTHITE  TALC  TREMOLITE  QUARTZ 
Mineralogy
The calculated modal mineralogy of the alteration assemblages produced at the various temperature steps is shown as a function of log reaction progress (log •) at 100 ø, 150 ø, 200 ø, 250 ø, 300 ø, and 350øC (Figures 4 to 9) . A summary of all mineral phases calculated for the entire temperature range is given in Figure 10 . Minerals shown in Figure 10 but not in the corresponding Figures 4 to 9 were predicted to appear in quantities less than 1 or 2 volume percent and thus could not be shown with clarity on these figures.
Seawater is supersaturated with respect to dolomite at 100øC, just as it is at 2øC, and as a result dolomite forms a large proportion of the early alteration at 100øC. A small amount of anhydrite forms toward the end of the 100øC calculation, and it is a major precipitate at low values of reaction progress at both 150 ø and 200øC.
As reaction progress increases, the Ca-uptake in the anhydrite and dolomite is switched over to Ca-smectites and epidote, while SO4 is reduced and pyrite forms. Abundant smectite forms at 100 ø and 150øC; at 200øC and above, precipitation of smectites is (purpoSely) suppressed in the computer model, and chlorites take their place. At low values of reaction progress (equivalent to high water-rock ratio) Mg-rich saponitc is the primary smectite. As the Mg concentration decreases with further reaction, Mg-rich saponite is replaced by Ca-rich saponite, and this is joined at 150øC by Ca-rich nontronite. Bulk chemistry in terms of the oxides can also be determined for the alteration assemblages predicted by the model above to facilitate comparison with the chemical changes observed in altered basalts, as summarized by Mottl [1983] and Humphris and Thompson [1978] . Table 2 shows the oxidedistribution of a rock representing the alteration assemblage present at the conclusion of each of the isothermal calculations from 100 ø to 350øC. The composition of the fresh basalt starting material from Miyashiro et al. [1969] is also shown. The difference in composition between the fresh basalt and the altered rock is most dramatic at the 100øC step, whereas at 350øC the fresh and altered basalts are chemically nearly indistinguishable. The reason for this effect is that by the time that the high-temperature step is reached, the water-rock ratios are much lower and the aqueous fluid has thoroughly exchanged with the basalt; thus, most of the chemical changes in the basalts occur at 100ø-150øC and high water-rock ratios.
At 100øC the altered basalt shows a substantial gain in Mg, considerable loss of Ca, and a larger proportion of oxidized Fe. In addition, the altered rock at 100øC shows some loss of Na, gain of K, and gain of H20. These computer-generated compositions agree quite well with the rocks described by Mottl [1983] Ca concentration increases slightly with Mg removal at 150øC, and subsequently decreases due to precipitation of anhydrite, a phenomenon also observed in several laboratory experiments summarized by Mottl [1983] . Ca concentration continues to drop with increasing temperature, predominantly as a result of its uptake into epidote and tremolite. The initial increase of Ca in solution, followed by its decrease, corresponds well to observations by Humphris and Thompson [1978] . They found that the chlorite-rich assemblages show significant depletions in Ca relative to unaltered basalt, while the epidote-rich assemblages (which presumably formed at higher temperatures and lower water-rock ratios) show little change. The calculations presented here show pH decreasing at 100øC over the range of reaction progress where Mg concentration remains high (log • < -2.2); however the decrease in pH is slight compared to that observed in laboratory experiments [Mottl and Seyfried, 1980] . Nevertheless, the outcome of the calculations does agree with laboratory experimental results in that both show near-neutral pH solutions at the conclusion of the experiments. Except at 300øC, the calculated curves at each temperature step show an initial decrease in pH at low values of reaction progress followed by a sharp increase at high values of reaction progress. The lowest pH reached is •5.25 at 350øC, corresponding to the value of reaction progress where the fluid is also saturated with respect to quartz. In all of the above discussion, it should be remembered that the pH of a neutral solution changes from 7.0 at 25øC to 6.0 at 100øC and 5.5 at 350øC. Table 1 
Calculations at High Water-Rock Ratios
Observations summarized by Mottl [1983] that the pH of hydrothermal solutions produced in laboratory experiments initially becomes quite acidic and remains so while Mg concentration is high and water-rock ratio is greater than 50 are further supported here by a set of computer calculations at high water-rock ratio. This series of calculated reaction paths from 100ø-350øC is the outgrowth of an attempt to find a possible path resulting in an acidic fluid similar to those actually sampled at 21øN. regions does not reach the high-temperature regions at depth, and (2) reaction rates are more rapid at high temperature, implying that more rock will interact with a given packet of water per unit time in the high-temperature regions of the hydrothermal system. Note that the effective water-rock ratio is a material-balance parameter that is meaningful only for a system of sufficient size (e.g., a significant portion of the entire MOR hydrothermal circulation system). This parameter is not related in any simple way to the actual amount of H20 that may interact with a cubic meter of rock' for example, in the Calculated alteration assemblages in this work are in good agreement with observations on dredged samples from the oceans and in ophiolite complexes; these include saponites at low temperatures, Mg-rich and chloritic assemblages at high water-rock ratios, and epidote-chlorite-actinolite (tremolite)-albite assemblages at high temperatures and low water-rock ratios. The calculated concentrations of the major elements in the evolved fluid also agree substantially with analyses made on actual samples of the 350øC hydrothermal endmember.
There are two important discrepancies between the calculations (or the laboratory experiments) and the sampled hydrothermal solutions: pH and saturation state of the solution with respect to certain minerals.
The lowest pH reached in the main set of reaction-path calculations is 5.25, and most laboratory experiments conducted to date also exhibit similar, near-neutral pH values except (1) in the initial stages of the experiments where Mg concentration is still high [Mottl, 1983] , or (2) at 400 ø to 500øC [Mottl et al., 1979] . The sampled 21øN-EPR solutions have a pH in the range 3.3 to 3.8 (25øC measurements) and are saturated only with respect to quartz [Von Datum et al., 1985] . Solutions sampled from 13øN on the EPR also have low pH values: approximately 3.8 to 3.9 for the samples with the smallest component of seawater mixing [Michard et al., 1984] .
The pH and mineral saturation problems are related. Increasing the pH from 3.5 to 5.5 will result in many silicates being closer to saturation, even with no other change to the solution but an adjusted Na value to maintain charge balance. Table 1 Several possibilities remain which could account for this discrepancy in pH. These include pressure effects occasioned by the fluid's ascent up the conduit, inaccuracies in the measurements at 21øN (and at 13øN), possible selective precipitation of some minerals from the fluid or degassing of the fluid before the measurements are made, inaccuracies or omissions in the thermodynamic data base used to calculate the in situ pH values from the 25øC values, or the possibility that we have overlooked a major, pH-affecting process which occurs before the fluids vent. Also, there may have been some addition of high-temperature magmatic H20 at depth, or possibly water/rock interaction occurred at higher temperatures than considered here (400ø-450øC), and then during ascent there was more extensive cooling than we have envisioned (mixing with cooler fluids ?). We are left with a puzzle that will require further work to sort out.
For example, if the 21øN EPR fluid composition given in
The results of the calculations presented here seem to validate the selected hydrogen isotope fractionation curves used in this work, at least over the temperature range for which they have been employed (Figure 3 The problem is compounded by the fact that in this work we have also ignored the truly high-temperature, very deep (> 3 km) circulation of exchanged sea water down along the flanks (and underneath T) the MOR axial magma chamber. Although Gregory and Taylor [1981] showed that this circulation involves a very low water/rock ratio (• 0.2), in the Oman ophiolite its isotopic effects are significant, because they are observed throughout a large part of the lower oceanic crust, at least down to the MOHO. To even a greater degree than the shallow, axial system considered extensively in this study, the deep system also produces marked 180 depletions in the rocks; thus, its effects must also be counter-balanced by an appropriate amount of low-temperature, off-axis hydrothermal activity and submarine weathering. In order to obtain a complete picture of the isotopic, chemical, and mineralogical alteration of the entire oceanic crust, future computermodeling studies should include provision for the effects of the deep hydrothermal circulation, as well as the off-axis hydrothermal alteration. Unfortunately, at the present time, appropriate high-temperature thermodynamic data (>400øC) are almost nonexistent, and most of the constraining parameters for the low-temperature circulation are also very poorly known.
In contrast to the 6180 effects described above, the hydrothermal alteration of oceanic crust has a much different effect on the 6D of seawater. The 6D of seawater should steadily increase at all temperatures of hydrothermal interaction up to approximately 700øC. This is attributable to the fact that fresh basalt contributes essentially no H to the system, and all hydroxyl-bearing minerals formed as a result of hydrothermal alteration exhibit negative 6D values compared to H20 (Figure 3) . Because ocean water is a substantially larger reservoir of hydrogen relative to the whole earth than it is for oxygen, the steady increase in 6D of ocean water would take place very slowly. It is also probably counterbalanced by recycled H20 from subducted hydrous minerals in the form of emanations of low-D magmatic H20 elsewhere in the world . Even though there are still many gaps in the required data-base, it would be useful to carry out a complete material-balance computer modeling study of both the D/H and the '-80/'-60 in the oceans, taking into account these other factors, as well as the predictions of the present work. Integrated chemical and stable-isotope models such as the one presented here can also be used to place important constraints on other types of (on-land) hydrothermal systems, in addition to seawater-basalt hydrothermal circulation. A1-though less information is typically available for the hightemperature parts of active systems on continents, the possibility of imposing constraints on temperatures, temperature gradients, pressures, and water-rock ratios suggest that similar computer models that combine a chemical and stable isotope approach may prove to be very useful.
